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ABSTRACT

The detailed dynamical mechanisms of the upper-tropospheric circulation response to the Madden–Julian

oscillation (MJO) convection are examined by integrating a primitive equation model. A series of initial-

value calculations with the climatological boreal winter background flow forced by the MJO-like thermal

forcing successfully capture the key aspects of the observed circulation response to the MJO convection. This

suggests that a large fraction of MJO-related circulation anomalies are direct responses to tropical heating in

both the tropics and extratropics and can be largely explained by linear dynamics.

It is found that MJO-like dipole heatings not only intensify tropical upper-tropospheric anomalies but also

weaken them at certain regions because of the interaction between equatorial Kelvin and Rossby waves. The

Rossby wave train primarily excited by horizontal divergence of upper-level perturbation flow propagates

northeastward and then heads back to the equator. In this way, Rossby wave activity once generated over the

subtropical Indian Ocean tends to enhance the equatorial upper-tropospheric anomalies over the tropical

Atlantic and West Africa that have already been created by the zonally propagating equatorial Rossby and

Kelvin waves. A ray path tracing reveals that a successive downstream development of Rossby wave train

mostly results from the large-scale waves with zonal wavenumbers 2–3 in the Northern Hemisphere and 3–5 in

the Southern Hemisphere.

The sensitivity tests show that the overall results are quite robust. It is found, however, that the detailed

circulation response to the MJO-like forcing is somewhat sensitive to the background flow. This suggests that

MJO-related circulation anomalies may have nonnegligible long-term variability and change as background

flow varies.

1. Introduction

The Madden–Julian oscillation (MJO) is the most

dominant physical mode of tropical intraseasonal variabil-

ity with a characteristic time scale of 30–70 days (Madden

and Julian 1972). Previous studies have found that the

tropical diabatic heating associated with the MJO induces

the atmospheric circulation anomalies in both the tropics

and extratropics (e.g., Matthews et al. 2004; Lin et al.

2006, and references therein). The teleconnection to the

extratropics occurs in the form of a Rossby wave train,

which is characterized by the northeastward propagation

from the vicinity of the heating source, the subsequent

reflection of the wave at a turning latitude located at

higher latitudes, and the southeastward propagation to the

tropics. The resulting circulation anomalies then impact

surface air temperature and rainfall variations over Asia,

the North Pacific, North America, the tropical eastern

Pacific, and the Atlantic (e.g., Higgins et al. 2000; Jones

and Schemm 2000).

A large portion of the global circulation variability in

the upper troposphere is accounted for by the MJO. In

fact, Matthews et al. (2004) have estimated that the

fraction of variance of the upper-level (200 hPa) circu-

lation that is explained by the MJO is as much as 70% in

the tropics and 35%–40% in the Northern Hemisphere

(NH) extratropics although this fraction falls below 20%

for the Southern Hemisphere (SH) extratropics. There-

fore, it is required to correctly understand and simulate
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the MJO and its dynamics in order to better predict long-

term weather both in the tropics and extratropics. The

attribution and prediction of global atmospheric circula-

tion variability is one of the most useful applications in

meteorology and climate, so the detailed dynamical

processes associated with the formation of statistically

significant circulation anomaly signals should be inves-

tigated.

The current generation of atmospheric general circu-

lation models (GCMs) and atmosphere–ocean coupled

GCMs struggles in properly simulating and forecasting

the MJO (Hendon 2000; Inness and Slingo 2003; Sperber

et al. 2005; Lin et al. 2006; Seo et al. 2005, 2007, 2009;

Seo and Wang 2010; Fu et al. 2008). Lin et al. (2006)

have shown that only 2 coupled GCMs [i.e., ECHAM

(European Centre for Medium-Range Weather Forecasts

and Hamburg) and the Centre National de Recherches

Météorologiques (CNRM)] out of 14 coupled models par-

ticipating in the Intergovernmental Panel on Climate

Change (IPCC) Fourth Assessment Report (AR4) can

produce convective variances in the intraseasonal band

that are similar to those observed. However, further anal-

ysis of those models’ capability for reasonable MJO sim-

ulation reveals a lack of coherent eastward propagation of

intraseasonal convective anomalies across the Maritime

Continent and western Pacific (not shown)—a feature

ubiquitous to many contemporary coupled models (e.g.,

Slingo et al. 1996; Seo et al. 2009; Seo and Wang 2010).

Seo and Wang (2010) recently showed that the Climate

Forecast System model, which is an operational coupled

model of the National Centers for Environmental Pre-

diction (NCEP), produces much improved MJO simula-

tion when a relaxed Arakawa–Schubert cumulus scheme

(Moorthi and Suarez 1992, 1999) is used. This is mainly

because model precipitation has reasonable sensitivity

to environmental humidity (Derbyshire et al. 2004), and

the top-heavy vertical heating profile arising from con-

vective detrainment of moisture to the environment and

stratiform heating acts to sustain the MJO by creating

eddy available potential energy and a moisture–stratiform

instability feedback process (Mapes 2000; Kuang 2008;

Fu and Wang 2009). The 200-hPa circulation pattern

in response to the model MJO convection is mark-

edly improved in this model, possibly enhancing the

predictability of circulation variability, even for the ex-

tratropics.

The global circulation response to tropical heating has

been often investigated by integrating GCM with pre-

scribing monopole heating that represents the effect of

a warm pool sea surface temperature (SST) or anoma-

lous east-central Pacific SST warming associated with an

El Niño event (Sardeshmukh and Hoskins 1988; Jin and

Hoskins 1995; Ashok et al. 2007b) or boreal summer

Asian monsoon-related convective perturbations (Lin

2009). In those studies, especially those based on initial

value calculations, extratropical circulation response is

regarded as a Rossby wave response to tropical diabatic

heating and often understood through the nondivergent

barotropic wave dispersion theory (e.g., Hoskins and

Karoly 1981; Hoskins and Ambrizzi 1993). The upper-

troposphere anomalous divergence in regions of tropi-

cal heating is found to act as a Rossby wave source

(RWS) for poleward dispersing extratropical wave ac-

tivity (Sardeshmukh and Hoskins 1988; Lin 2009). Nu-

merical experiments have been also performed with the

MJO-like forcing, which retains a dipole (or tripole in

some phases) heating structure. Matthews et al. (2004)

showed that the tropical circulation anomalies form as

a forced equatorial Rossby and Kelvin wave response to

the MJO heating. The extratropical circulation anomalies

were shown to be a result of the direct response to MJO

heating, rather than a triggering and growth of unstable

barotropic normal modes in the extratropics (Borges and

Sardeshmukh 1995). In their initial-value calculations,

however, the modeled circulation anomalies were erro-

neously shifted westward by about 208 longitude relative

to the observations, and for the tropical anomalies a

detailed mechanism of interaction between equatorial

Rossby and Kelvin waves due to the dipole heating was

not explored. The enhanced and suppressed convections

are only separated by 808 longitude so they are expected

to produce a more or less complicated Rossby and Kelvin

wave interaction, such as an interfering or intensifying

effect between them.

By extending and updating previous studies (e.g.,

Matthews et al. 2004), we present herein improved sim-

ulations of the global circulation response to MJO

forcing and a more in-depth analysis on the mechanism.

A series of initial-value calculations are performed by

integrating a dynamical core GCM with MJO-like ther-

mal forcing on the climatological background flow. Sim-

ulation results are then understood with equatorial wave

dynamics and nondivergent barotropic Rossby wave dy-

namics in the extratropics. For instance, the formation of

an extratropical circulation response is investigated by

using a ray-tracing technique for Rossby wave propaga-

tion (Hoskins and Karoly 1981; Branstator 1983; Karoly

1983; Hoskins and Ambrizzi 1993). This will elucidate the

zonal scales of Rossby waves that are able to disperse

from the heating area, travel to the northern and southern

extratropics, and propagate back to the tropical region.

In addition, the RWS associated with the MJO dipole

forcing, which has not been examined previously, will be

presented. It will be shown that an asymmetric RWS

pattern arises between the heating over the Indian Ocean

and the cooling over the western Pacific.
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The sensitivity tests to the amplitude and vertical struc-

ture of forcing, model internal diffusion, and background

flow are also performed. In particular, to understand in-

terannual variability of MJO-induced circulation changes

in the extratropics, initial-value integrations are also per-

formed for El Niño and La Niña basic states. The possible

impact of the MJO on the extratropical circulation in a

warm climate is also discussed.

2. The data and model

a. The data and observed MJO structure

To represent deep convection in the tropics, daily

outgoing longwave radiation (OLR) from the Advanced

Very High Resolution Radiometer (AVHRR) onboard

the National Oceanic and Atmospheric Administration

(NOAA) polar-orbiting satellites (Liebmann and Smith

1996) is used for the 28-yr period from 1979 to 2006.

Other dynamic and mass fields, including daily mean zonal

and meridional winds, are obtained from the NCEP–

National Center for Atmospheric Research (NCAR)

reanalysis (Kalnay et al. 1996) for the same 28-yr period.

Streamfunction and divergence are calculated from the

horizontal wind fields. Both datasets are stored on the

same 2.58 3 2.58 longitude–latitude grid. The anomaly

field for each variable is derived by removing the annual

cycle, which is composed of the time mean and first three

annual harmonics, from the total field at each grid point.

To capture the intraseasonal variations, the anomaly

field is subjected to 20–90-day bandpass filtering using a

Lanczos filter. Only the winter season [i.e., December–

February (DJF)] is considered.

To identify the most dominant evolution patterns of

the MJO, an empirical orthogonal function (EOF) anal-

ysis is performed on the intraseasonally filtered AVHRR

OLR. This results in the two leading well-known EOF

modes statistically distinct from the other higher modes.

The first EOF has a strong convective cloud centered

over the Maritime Continent and the western Pacific

(1108–1508E) and the second has one over the Indian

Ocean from 708 to 1108E [not shown here, but they can

be seen in previous literature; e.g., in Matthews et al.

(2004) and Seo et al. (2005)]. Their principal components

(PCs) are significantly correlated at about 10–12-day lag

(not shown), and hence these modes in combination rep-

resent the typical eastward-propagating MJO convective

signal. Using these two EOF modes and PCs, an evolution

cycle is constructed with eight different phases according

to the location of the enhanced MJO convection as shown

in Wheeler and Hendon (2004). Then, composite OLR

anomaly fields are constructed for the strong MJO

events where their PC amplitude (i.e.,
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

PC12 1 PC22
p

)

is greater than 2.0 for each MJO phase. Figure 1 shows

the composite OLR anomaly fields for phases 1–4. The

remaining phases (5–8) are nearly the same as Fig. 1 with

only a sign reversal. Considering the strongest MJO sig-

nal appears at the period of about 48 days (e.g., Matthews

2000; and others), the time difference between each phase

is approximately 6 days. This convective structure is used

to construct an idealized MJO diabatic heating field that

forces the simple GCM described below.

b. The model and experiment design

To assess whether the global atmospheric circulation

anomalies arise as a direct response to MJO convective

heating and to investigate the dynamical mechanisms,

initial-value calculation is performed by using a primi-

tive equation model based on the dynamical core of the

Geophysical Fluid Dynamics Laboratory (GFDL) atmo-

spheric GCM (Gordon and Stern 1982). The dynamical

core model has a rhomboidal 30 (hereafter R30) resolu-

tion in the horizontal and 20 equally spaced sigma s levels

that change from 0.975 to 0.025. This model is initialized

about a DJF climatological basic state, which contains

three-dimensional wind, temperature, and surface pres-

sure fields (no moisture), and integrated up to 30 days as

in Jin and Hoskins (1995). To prevent the basic state from

being drifted, a forcing term is applied during the model

integration. The dissipation terms used in the model

run include a vertical diffusion with a coefficient of

0.5 m2 s21 and an eighth-order horizontal diffusion with a

coefficient of 8 3 1037 m8 s21 (Son and Lee 2005). A series

of tests have shown negligible sensitivity to changes in the

values and orders of the horizontal diffusion coefficient.

To mimic MJO forcing, external thermal forcing is

added to the temperature tendency equation while all

other fields are kept as they are. The external forcing is

smoothly turned on from t 5 0 to t 5 2 days to avoid an

undesirable generation of gravity waves, and after that

the heating with a full strength (which will be shown in

Fig. 3) persists. The heating anomaly assumes an elliptical

form in the horizontal with a maximum or minimum

center at the equator, as in Ting and Held (1990):

dQ(l, f) 5 fA1e2[(l2l
1
)/L

x
]2

2 A2e2[(l2l
2
)/L

x
]2

1 A3e2[(l2l
3
)/L

x
]2

g3 e2(f/L
y
)2

, (1)

where l and f represent longitude and latitude, and L
x

and Ly the longitudinal and latitudinal scales, respec-

tively. Also, A1, A2, and A3 are the amplitudes of the

heating/cooling at the longitudinal locations of enhanced

or suppressed convection centers l1, l2, and l3, respec-

tively. Figure 2 shows the heating anomalies forced to

derive the circulation response in the model for each MJO

phase. They are designed to mimic the observed OLR
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anomalies shown in Fig. 1. For phase 1, A1, A2, and A3 are

specified nonzero but for phases 2, 3, and 4, which have

a dipole forcing, A
3

sets to zero. The vertical heating

profile is in the form of (1 2 s) sin[p(1 2 s)] with a peak

heating rate of 2.5 K day21 at s 5 0:35 as shown in Fig. 3.

A vertically averaged heating rate is approximately

1.4 K day21, which is equivalent to latent heating that

produces 5–6 mm of precipitation per day (e.g., Jin and

Hoskins 1995). This precipitation rate is consistent with

the observed strong MJO events as shown in the Climate

Prediction Center (CPC) Merged Analysis of Precip-

itation (CMAP) data and the Tropical Rainfall Measuring

Mission (TRMM) precipitation radar data (see Figs. 3

and 8, respectively, of Lin et al. 2004). The same vertical

profile has been used in the study of the global extra-

tropical circulation response to the diabatic heating of the

Asian summer monsoon by Lin (2009).

3. Results

a. Observed global circulation response to MJO
forcing

First, the observed global circulation patterns induced

by MJO convective forcing are examined using 200-hPa

streamfunction anomalies for the first half of a cycle (i.e.,

phases 1–4) (Figs. 4a–d). As mentioned in the previous

section, the upper-level circulation anomalies are com-

posited with respect to the strong MJO events whose

amplitude, measured by the values of the first two nor-

malized PCs, is greater than 2 (which signifies the upper

FIG. 1. Composite AVHRR OLR anomaly fields during winter

for the first four phases. Phases 5–8 are similar to phases 1–4 with

a sign reversal (so they are omitted). The composite fields are

constructed for the cases where the normalized MJO amplitude is

greater than 2.0. The contour interval is 5 W m22. The dotted

(solid) lines denote enhanced (suppressed) convection. The time

interval between two phases is ;6 days.

FIG. 2. Diabatic heating imposed in each model simulation for

phases 1–4. It mimics the observed composite OLR anomaly fields

in Fig. 1. Phases 2, 3, and 4 have a dipole convective forcing, but

phase 1 has a weak tripole forcing. The contour interval is 0.5 K

day21. The solid (dotted) lines denote positive (negative) heating.
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5% strong events). This procedure is basically identical to

the regression of streamfunction anomalies against a de-

viation of PC1 5 2 and PC2 5 2, as in Matthews et al.

(2004) and Seo and Wang (2010). As MJO convection

anomalies develop over the Indian Ocean and propagate

to the east, the circulation response also propagates to the

east. Phase 1 has a large suppressed convective center

over the western Pacific (see Fig. 2a) and as a response

to this forcing (Fig. 4a), a cyclonic flow couplet off

the equator appears across the tropical region of the

Eastern Hemisphere. The off-equatorial circulation

anomalies are located to the west of (or collocated with)

the convective anomaly (Gill 1980; Jin and Hoskins

1995). Along with this, the easterly anomalies appear

along the equator to the east of this forcing, indicating the

establishment of the Rossby and Kelvin wave circulation

response (e.g., Matthews 2000; Seo and Kim 2003; Seo

and Wang 2010). The enhanced convection (although

weak) located to the east of the date line also forms

a tropical anticyclonic couplet straddling the equator

and a Kelvin wave response characterized by the equa-

torial westerly anomaly near 608W.

At phase 2 (or equivalently 6 days later) (Fig. 4b), as

enhanced convection develops over the Indian Ocean,

anticyclonic Rossby waves appear off the equator to the

west of heating and due to these waves, the cyclonic off-

equatorial wave response to the suppressed convection

over the western Pacific is greatly constrained in the zonal

extent (cf. Figs. 4a and 4b in the Eastern Hemisphere). A

strong heating also excites Rossby wave train to the ex-

tratropics as evident in the NH. The overall structure

becomes more prominent at phase 3 (Fig. 4c). For instance,

anticyclonic anomalies at 458N, 1708E are strengthened

about 3 times from phases 2 to 3. During these two pha-

ses, easterly anomalies along about 308–358N over 1408E–

1608W (the boundary between the subtropical cyclonic

anomaly and extratropical anticyclonic anomaly) act to

weaken the Asian–Pacific jet and retract it to the west

(Matthews et al. 2004). In remote places, extratropical

circulation anomalies also develop over western Canada

(at phases 2 and 3) and eastern Canada (at phase 3),

forming a wave train emanating from the upstream trop-

ical region to the higher latitudes with a resemblance to

the Pacific–North American (PNA) teleconnection pat-

tern (although it is not identical). Phase 3 shows a more

conspicuous wave train over the PNA region and even

eastern Atlantic, seemingly along a great circle (Fig. 4c).

Phase 4 shows a similar circulation response to that of

phase 3 but with a slightly eastward shift in the tropical

circulation pattern (Fig. 4d).

There is a weak hint of a wave train in the SH. For

example, at phases 2 and 3, waves coming from the

equatorial Indian Ocean disperse across the southern

Indian Ocean and southern Pacific in a counterclockwise

sense. Their wavelength appears to be shorter than that

of the Rossby wave train in the NH. This feature will be

explained by comparing the model simulation results

described below.

b. Model results

The observed circulation anomalies induced by the

MJO convective forcing exhibit distinct patterns in both

the tropics and extratropics. Do these anomalies arise

from a direct dynamic response to the MJO convective

heating? To address this question and to better understand

the dynamical processes, a series of dynamic-core GCM

experiments are performed. Again, the model fields are

driven by a steady diabatic forcing and integrated for

30 days for each phase. The model tends to respond al-

most linearly to the imposed forcing until about 15 days,

after which unstable waves with eastward phase speed

and group velocity dominate the model fields (refer to

Fig. 7d). This characteristic is quite typical and has been

FIG. 3. Vertical heating profile at the maximum heating location.
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FIG. 4. (a)–(d) Observed DJF composite 200-hPa streamfunction anomalies for phases 1–4 and (e)–(h) upper-

troposphere (s 5 0.225) streamfunction anomalies at day 15 of model simulations with forcings presented in Fig. 2.

The contour interval is 2.0 3 106 m2 s21. Positive (negative) values represent clockwise (counterclockwise) rotations.
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reported in previous studies (Jin and Hoskins 1995;

Matthews et al. 2004; Lin 2009). As we are mainly in-

terested in the linear (or direct) responses of atmospheric

circulation to MJO-like thermal forcing, model results up

to day 15 are analyzed in this study. Only anomalies, de-

viations from the climatology (i.e., the basic state), will be

shown.

Figures 4e–h present streamfunction anomalies in the

upper troposphere (s 5 0.225) at day 15 for each phase.

Phase 1 (Fig. 4e) exhibits two pairs of the cyclonic and

anticyclonic couplets to the west and east, respectively,

of the date line, similar to the observations. The zonal

extent of the cyclonic anomaly over Asia is somewhat

narrower than in the observations, whereas the anticyclonic

anomaly over tropical Atlantic is reasonably well cap-

tured. In the extratropics, model simulations show more

prominent wave trains over North Pacific than in the

observations. Their wavelength is shorter, resulting in

an opposite-signed streamfunction anomaly over eastern

Canada. Note that significant streamfunction response

over the North Pacific arises from the Rossby wave re-

sponse to the negative forcing located over the western

Pacific. Once the MJO convection develops over the

Indian Ocean, the extratropical response is greatly im-

proved (Fig. 4f). This includes the proper simulations of an

anticyclonic anomaly over the North Pacific and a cyclonic

anomaly farther to the north. The model tropical response

also matches the observation well. All of these results

indicate that the circulation anomalies are mainly due to

a direct response to the MJO-related diabatic heating.

Phases 3 and 4 also show streamfunction anomalies

that are similar to those observed in both the tropics and

extratropics (Figs. 4g,h). The cyclonic and anticyclonic

couplets about the equator are well simulated with a

reasonable range of amplitudes, especially in phase 3. In

phase 3, even the downstream positive streamfunction

anomalies over Central America and the eastern Atlantic–

western Africa and the negative anomaly near South

America in the Western Hemisphere are very similar to

the observation. The circulation anomaly pattern over

the tropical Atlantic is also well captured in phase 4. The

extratropical circulation anomalies in both phases 3 and 4

are significantly well reproduced, showing the prominent

north-northeast–southeastward directing wave train in

the NH, which appears to be characterized by a zonal

wavenumber 3. The SH extratropical anomalies exhibit

more pronounced and organized wave train than the

observed ones. This exaggeration, however, provides

a helpful insight into the interpretation of the observed

circulation anomalies such as the positive anomalies,

although weak, at about 608S, 1808 in phase 3 (Fig. 4g),

and the negative and positive anomalies along 608S at

1508E and 1508W, respectively, in phase 4 (Fig. 4h).

Again, all these features suggest that the tropical and

extratropical circulation anomalies arise primarily from

a direct response to the MJO heating. Table 1 shows the

pattern correlations between the observed and modeled

streamfunction anomalies for each phase. As can be seen,

the correlation is greatest (0.77) at phase 3 among the

different phases for the global region. This is also true for

the tropics and northern extratropics. Phase 1 has the

lowest pattern correlation due to the lack of coherence in

the extratropics in the NH. In the tropics where the direct

circulation response to tropical MJO heating occurs, the

correlations are highest among the different domains. In

general, the correlations of the southern extratropics are

lower than those of the northern counterpart.

The corresponding lower-tropospheric (s 5 0.875)

streamfunction anomalies at day 13 show a rich structure

(Fig. 5), which is in fact expected because of the growth

of unstable baroclinic synoptic-scale waves in the lower

troposphere earlier than in the upper level in the model

integrations (Jin and Hoskins 1995). Although the spatial

scale of the simulated anomalies is relatively smaller than

the observation, the gross feature is properly reproduced

by the model simulations. For instance, the formation of

cyclonic (anticyclonic) Rossby wave couplets across the

equator and westerly (easterly) Kelvin wave driven by

enhanced (suppressed) convection is qualitatively well

captured. The pattern correlation coefficients are found

to be 0.44–0.68 over the globe with the weakest correlation

during phase 1 and the strongest correlation during phase 3.

TABLE 1. Pattern correlations between the observed and mod-

eled streamfunction anomalies for selected domains for phases 1–4.

Correlation coefficients for the upper troposphere are from day-15

model integration fields. All calculated correlation coefficients are

statistically significant at the 95% level except for the domain [308–

908S] of phase 1. A Student’s t test is used and the effective degree

of freedom is calculated using the method of Ebisuzaki (1997).

Domain

Upper troposphere

(s 5 0.225)

Globe Phase 1: 0.57

Phase 2: 0.74

Phase 3: 0.77

Phase 4: 0.60

308S–308N Phase 1: 0.72

Phase 2: 0.75

Phase 3: 0.78

Phase 4: 0.61

308–908N Phase 1: 0.46

Phase 2: 0.71

Phase 3: 0.71

Phase 4: 0.50

308–908S Phase 1: 0.28

Phase 2: 0.67

Phase 3: 0.59

Phase 4: 0.53
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FIG. 5. As in Fig. 4, but (a)–(d) at 850 hPa and (e)–(h) for the lower troposphere (s 5 0.875) streamfunction

anomalies at day 13. The contour interval is 1.0 3 106 m2 s21.
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The vertical structure of the anomalies is also reasonably

well captured. In general, the lower-tropospheric re-

sponse is almost opposite to the upper-troposphere re-

sponse in the tropics, signifying a baroclinic structure in

the tropics (Figs. 4 and 5; Gill 1980). By contrast, extra-

tropical circulation response is to a large degree equivalent

barotropic, especially in the latitudes higher than 458.

These characteristics are qualitatively well reproduced

by the model simulations.

To determine how the global circulation anomalies

are formed during the integrations, Fig. 6 shows the upper-

troposphere (s 5 0.225) model streamfunction anomaly

FIG. 6. Evolution of the upper-troposphere (s 5 0.225) streamfunction anomalies in the model simulation with MJO

phase-3 forcing (Fig. 2c).
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for phase 3 from days 1 to 15. Equatorial response ap-

pears immediately as the tropical forcing is switched on

(Figs. 6a,b). By day 3, to the east of the date line, a pair of

anticyclones is generated by equatorial Kelvin waves

that are directly induced by the suppressed convection

over the western Pacific. The cyclonic circulation couplet

about the equator to the west of the date line is formed by

both a Rossby wave response to the suppressed convec-

tion over the western Pacific and a Kelvin wave response

to the enhanced convection over the Indian Ocean. Sub-

tropical Rossby waves near 608E are not explicitly formed

until days 5 and 7 (Figs. 6c,d). By day 7, the subtropical

circulation anomalies induced by Kelvin waves in the

Western Hemisphere spread eastward and ultimately

meet the westward propagating Rossby waves over the

Arabian Sea and southern Africa, forming a very broad

anticyclonic flow region. The major tropical features are

therefore established in about one week, consistent with

previous studies (e.g., Jin and Hoskins 1995).

The extratropical wave train pattern is then formed in

the second week (Figs. 4e–h). The circulation anomalies

over the North Pacific and eastern Canada strengthen

during the integration and even the wave train appears

to direct southeastward into the tropical Atlantic and

West Africa. This result clearly demonstrates that the

tropical circulation anomalies in the Western Hemi-

sphere are formed by combined effects of the tropically

trapped Rossby and Kelvin waves and the midlatitude

Rossby wave train (as will be discussed in detail in the next

section). In the SH, wave train also develops in the vicinity

of Australia by days 13–15 (Figs. 6g,h), with the observed

composite circulation pattern in this region (Fig. 4c) being

somewhat similar to that of Fig. 6g. Since the model in-

tegration at phase 3 shows the highest pattern correlation

and a clear midlatitude wave train, a ray-tracing method

following the wave’s group velocities will be applied at this

phase to present a clearer view of the wave train path in

the next section.

To visualize interactions between the equatorially

trapped Rossby and Kelvin waves, the time evolution of

geopotential height anomalies averaged over 58S and

58N is presented in Fig. 7. Here the geopotential height

anomaly is considered since its sign does not change

across the equator, whereas that of streamfunction

anomalies changes about the equator because of the

involvement of the Coriolis parameter. To identify the

relative importance of the heating at 908E and the cool-

ing at 1708E, two additional experiments are carried out

(i.e., one with a monopole heating at 908E and the other

with a monopole cooling at 1708E). Results are presented

in Figs. 7b,c. Linear combination of these two experi-

ments is quantitatively similar to the reference run until

day 15 as evident in Fig. 7d. A nonlinear growth, however,

emerges afterward due to the development of unstable

waves.

The monopole heating and cooling respectively gen-

erate positive and negative geopotential height anomalies

over the broad regions of the tropics as they propagate

both eastward and westward in accordance with equato-

rial Kelvin and Rossby waves (Figs. 7b,c). As can be in-

ferred from contour slopes, eastward-propagating Kelvin

waves are about 3 times faster than the westward-

propagating Rossby waves as in the observations. In the

reference run (Fig. 7a), both positive and negative anom-

alies are generated by the heating–cooling dipole and

cancel each other. For instance, the Kelvin wave response

to the heating at 908E (positive anomalies) is offset by

the Rossby wave response to the cooling at 1708E

(negative anomalies). Likewise, the Rossby wave response

to the heating and the Kelvin wave response to the cooling

are mixed up to the west of the heating. It occurs as Kelvin

waves take only 6 or 7 days to reach the Indian Ocean

while the Rossby wave slowly propagates westward from

the heating center. As a result, the equatorial waves prop-

agating in an opposite direction from the dipole heating

oppose each other and prevent the equatorial positive or

negative geopotential height anomalies from growing,

resulting in successive wobbling of positive (negative)

anomalies around 1008E (1808) with time. An additional

experiment using a dipole heating centered at 908E and

908W (not shown) facilitates the above feature by sep-

arating the dipole forcing to a greater distance so that

the anomaly propagation by Rossby waves is more clearly

seen.

c. Model results: Rossby wave ray tracing

As stated above, once the Rossby wave train is gener-

ated by the enhanced convection over the Indian Ocean,

it apparently affects extratropical circulations. To better

understand this teleconnection, a ray tracing is performed

to the model output of phase 3 by using the nondivergent

barotropic Rossby wave theory of Hoskins and Karoly

(1981) and Hoskins and Ambrizzi (1993). In brief, a dis-

persion relationship for barotropic Rossby wave pertur-

bations to a basic zonal flow U on a b plane is given as

v 5 Uk 2
b*k

K2
, (2)

where K2 5 k2 1 l2 (the square of the total wavenumber),

with k and l being zonal and meridional wavenumbers,

respectively, and b* 5 ›f /›y 2 ›2U/›y2. The omitted

definitions of the variables in the equations follow their

usual meaning or convention in atmospheric sciences. For

varying zonal wavenumber, meridional wavenumbers are

calculated from the dispersion relationship [(2)] and thus
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are a function of meridional location. Then, the group

velocities for each direction are expressed as

cgx 5
›v

›k
5 U 1

b*(k2 2 l2)

K4
5 c 1

2b*k2

K4
,

cgy 5
›v

›l
5

2b*kl

K4
. (3)

The ray of the wave activity, which is represented by

group velocity, is calculated by solving the following re-

lations using a fourth-order Runge–Kutta method (Press

et al. 1992):

dx

dt
5 cgx,

dy

dt
5 cgy. (4)

FIG. 7. Time evolution of the upper-troposphere (s 5 0.225) geopotential height anomalies averaged over 58S and

58N for (a) MJO phase-3 forcing (i.e., positive heating at 908E plus negative heating at 1708E), (b) positive heating at

908E only, (c) negative heating at 1708E only, and (d) the result of (a) 2 [(b) 1 (c)].
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Figure 8 illustrates the ray-tracing result for the wave

train starting from the Indian Ocean at phase 3. It can be

seen that only the waves with zonal wavenumbers 2 and 3 in

the NH survive. The wave activity is directed northeastward

until it reaches a turning latitude, where l 5 0. It is then

redirected southeastward, taking a great circle–like

route. Following the paths of these zonal wavenumbers

2 and 3, the meridional wavenumber, computed from

the above dispersion relationship [(2)], varies from 8 to

0 and then to 28 (minus indicates southward propaga-

tion). The longer wave (zonal wavenumber 2) propa-

gates more to the north than wavenumber 3, consistent

with the Rossby wave dispersion theory. These wave

trains are reasonably well matched with the simulated

anomaly centers. Furthermore, the wave activity for the

zonal wavenumber 3 propagates back to the tropics after

the turning latitude is met, ultimately depositing the wave

energy in the regions of the tropical Atlantic Ocean and

West Africa. Consequently, the tropical circulation

anomalies in these regions are formed by the combined

effects of the tropically trapped Rossby and Kelvin waves

and the meridionally propagating Rossby wave train ac-

tivity. By contrast, in the SH the shorter waves with zonal

wavenumbers 3, 4, and 5 make a short counterclockwise

journey since they quickly reach a critical latitude at

which the zonal phase speed is equal to the basic zonal

flow or the meridional wave scale tends to zero (i.e., l or K

goes to infinity). In both hemispheres, wave activity for

the other zonal wavenumbers is trapped or dissipated.

Based on these results, it is concluded that the global

circulation anomalies associated with MJO forcing mainly

arise from the equatorially trapped Rossby and Kelvin

waves, meridionally propagating Rossby wave and their

interaction in the subtropics.

d. Rossby wave source

To better understand the development of circulation

response in the extratropics, the RWS is examined using

the following linearized forced barotropic vorticity equa-

tion (Sardeshmukh and Hoskins 1988):

›z9

›t
1 v

c
� $z9 1 v9

c
� $z 5 S9 1 F9, (5)

where z is the absolute vorticity and v
c

is the rotational

velocity vector. Also, S denotes the RWS, and F is the

frictional term and is considered negligible. The overbar

represents the basic flow and the prime the perturbation.

The perturbation RWS S9 is expressed as follows:

S9 5 2z$ � v9
x

2 v9
x
� $z 2 z9$ � v

x
2 v

x
� $z9, (6)

where v
x

is the divergence velocity vector. This equation

indicates that RWS depends on the relative position and

importance of divergence and absolute vorticity fields.

The first and second terms on the right-hand side of (6)

represent the generation of wave vorticity by the hori-

zontal divergence due to the perturbation divergent

winds and the advection of mean absolute vorticity by

the perturbation divergent winds, respectively. The

third and fourth terms represent the generation of wave

vorticity by divergence of the divergent basic winds and

the advection of perturbation absolute vorticity by the

divergent basic winds, respectively. Each term in (6) can

be calculated using observations, but this does not provide

clear insights into the role of S9 (and its related process)

since observations are an end result and contain com-

plicated, small-scale, perturbation wave source/sink pat-

terns. Hence, the above quantities are calculated for the

FIG. 8. Rossby ray path computed from the nondivergent barotropic Rossby wave theory for

phase-3 forcing; k is the zonal wavenumber. Only the wave train starting from the Indian Ocean

is shown for day 15 of model integration. The zonal wavenumbers not shown in the figure are

either very short or trapped in the vicinity of the starting point or critical latitude.
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day-7 model integrations at the upper level (s 5 0:225).

An exponential spectral filter of the form e2K[n(n11)]2

is applied to smooth the perturbation RWS fields as in

Sardeshmukh and Hoskins (1984). In this filter, K is

chosen such that the highest wavenumber spectral co-

efficients are multiplied by 0.1 as in Sardeshmukh and

Hoskins (1984) and Lin (2009).

Figure 9 shows S9 at day 7 for the first and total terms

in (6) for the dipole heating case of phase 3, only positive

heating at 908E, and only negative heating at 1708E. It is

evident that S9 is dominated by the first term, indicating

that the upper-level perturbation divergent flow domi-

nantly contributes to the wave source. This fact holds for

the circulation response to tropical monopole heating as

presented in Sardeshmukh and Hoskins (1988) and even

to the Asian summer monsoon–related diabatic heating

as shown in Lin (2009). The S9 shown in Fig. 9b are formed

closely in relation to the forced heating and cooling; for

example, at the locations of these forcings (i.e., the equa-

torial Indian Ocean and western Pacific), positive and

negative S9 develop along the equator, respectively, and

the abundant S9 with an opposite sign appear farther

north. Along the Asian–Pacific jet, S9 is also formed from

the interaction of the divergent perturbations forced by

the tropical heating and the large relative vorticity near

the jet stream that acts as a waveguide (Hoskins and

Ambrizzi 1993). In contrast to the NH, S9 values in the SH

are considerably weak and confined just south of the

forcing centers, which explains the limited wave disper-

sion in the SH, as shown in Fig. 6. Although not shown,

this hemispheric asymmetry in S9 results from a much

deeper latitudinal extent of the background easterlies

FIG. 9. Perturbation Rossby wave source S9 at s 5 0.225 at day 7 of the model simulation with (a),(b) MJO phase-3

forcing, (c),(d) positive heating at 908E only, and (e),(f) negative heating at 1708E only, showing (left) the first and

(right) the total term in (6). The contour interval is 0.75 3 10211 s22. Zero contours are suppressed, and solid (dotted)

lines denote positive (negative) perturbations.
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(up to about 188S) in the SH tropics and a much weaker

jet in the midlatitudes. This region corresponds to the

negative absolute vorticity gradient. According to the

linear theory of a nondivergent barotropic Rossby wave,

the waves becomes evanescent there (e.g., Hoskins and

Ambrizzi 1993; Matthews and Kiladis 1999).

The RWS associated with monopole forcing over the

Indian Ocean and the western Pacific are shown in

Figs. 9c–f. Again S9 is dominated by the first term in both

experiments. However, overall distribution of S9 is quite

different between the two experiments. The monopole

heating at 908E generates much broader and stronger S9

than the monopole cooling at 1708E. It suggests that strong

positive S9 over the subtropical western Pacific (158–308N,

1208E–1808) in Fig. 9b is mainly due to the heating over

the Indian Ocean (Fig. 9d). This is why the Rossby wave

paths, starting from the Indian Ocean as shown in Fig. 8,

have a tendency to mimic the streamfunction anomaly

patterns with a great degree of fidelity. In addition, it

explains why the formation of the Rossby wave train is

dependent on the longitudinal location of the external

forcing relative to the zonally asymmetric basic zonal

wind pattern.

e. Model sensitivity tests

In this section, the sensitivity of model results to

heating structure and basic state is investigated. First,

the amplitude of heating is varied from 0.5 to 5.0 K day21

with no change in the shape of heating profile. Figure 10

shows the percentage change of circulation amplitudes at

the subtropical North Pacific and eastern North America.

These two locations are chosen to represent the localized

minimum and maximum streamfunction anomalies, re-

spectively, in the NH extratropics (see Fig. 4g). It is

evident that the amplitude of the circulation response

increases quasi-linearly with heating amplitude. It con-

firms the conjecture that the circulation response in our

experiments is essentially linear to the imposed MJO-

like forcing.

The sensitivity to the heating profile is also inves-

tigated by changing vertical gradient of heating. An in-

crease or decrease in the heating gradient about the

maximum heating level does not result in appreciable

changes in the circulation responses (not shown). This is

also the case for the change of the maximum heating level.

A shallower heating peak reduces the circulation response

in the upper levels (because of the decreased heating

itself) but enhances the circulation response in the lower

levels (because of increased heating), but the patterns of

the response are nearly identical (not shown). In addition,

a variety of horizontal diffusion coefficients are applied to

the model integrations. Tests with a broad range of

fourth-order horizontal diffusion coefficients (1–10 3

1016 m4 s21), which includes the coefficient value (2.33 3

1016 m4 s21) used in Jin and Hoskins (1995), have only

produced negligible differences in the circulation pat-

tern (not shown). It is hence concluded that model re-

sults presented in the previous sections are insensitive to

the forcing structure and dissipation scheme.

The sensitivity to the basic states is also investigated

by changing climatological background flow. Instead of

the DJF climatology, basic states of the El Niño and La

Niña years are employed. The El Niño and La Niña

years are selected according to NCEP Climate Prediction

FIG. 10. The percentage change of the (a) minimum streamfunction anomaly over the subtropical North Pacific

(08–308N, 1208E–1208W), and (b) maximum geopotential anomaly over eastern North America (308–608N, 608–

1108W) as a function of maximum heating (K day21) for MJO phase-3 forcing. The percentage change is with respect

to the maximum heating of 2.5 K day21.
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Center criteria and their basic states are arithmetic av-

erages of the DJF wind, temperature, and surface pres-

sure fields. Figures 11a and 11b show upper-troposphere

streamfunction anomaly at day 15 for the El Niño and La

Niña basic states. The observed MJO convections during

El Niño years are known to propagate farther to the east

(crossing the date line) than a normal year (Kessler 2001),

whereas those during La Niña years are typically retracted

to the western Pacific (Lau and Waliser 2005). Despite this

difference in MJO convections, the same forcing is ap-

plied to both El Niño– and La Niña–year flows to isolate

the role of the basic state, as in Matthews et al. (2004). The

gross features in both experiments appear similar to those

of the reference case (Fig. 4g). However, for both basic

states (Figs. 11a,b), the cyclonic anomaly over Alaska and

anticyclonic anomaly over North America are weakened,

whereas the cyclonic anomaly over the tropical Pacific is

strengthened. In addition, the cyclonic anomaly over trop-

ical Pacific is somewhat strengthened and the SH cir-

culation responses are generally weakened. Under the

El Niño basic state, the anticyclonic anomaly over the

tropical eastern Pacific is strengthened (Fig. 11a). Use

of the El Niño Modoki or central Pacific–El Niño basic

state (Ashok et al. 2007a; Yeh et al. 2009) also shows

similar properties to the response to the El Niño basic

state (not shown). These results suggest that the response

of the extratropical circulations to the MJO forcing is

moderately sensitive to the background flow and would

vary on interannual to decadal time scales.

Finally, possible changes in circulation response to the

MJO forcing in a warm climate are examined. The A2

scenario integration of the Model for Interdisciplinary

Research on Climate, version 3.2 with medium-resolution

[MIROC3.2 (medres)], one of the IPCC AR4 models,

is selected and the 3D basic states are computed by

averaging for 2001–10 and 2091–2100 separately. It is

expected that the anthropogenic warming will tend to

increase the SST and thus the strength of the MJO

convection. However, to determine the impact of back-

ground flow change in a warm climate, the original MJO

forcing in Figs. 2 and 3 is applied as in the experiments

with El Niño and La Niña basic states. Figure 12a shows

the difference in upper-troposphere zonal wind between

FIG. 11. Response of upper-troposphere (s 5 0.225) stream-

function to MJO phase-3 forcing at day 15 for the (a) El Niño and

(b) La Niña 3D basic states. Selected El Niño years are 1982/83,

1986/87, 1991/92, 1994/95, 1997/98, and 2002/03 and selected La

Niña years are 1988/89, 1995/96, 1998/99, and 2000/01.

FIG. 12. (a) Mean zonal wind difference at s 5 0.225 (with an

interval of 3 m s21) between 2091–2100 and 2001–10, and (b) day-

15 upper-troposphere (s 5 0.225) streamfunction anomaly differ-

ence between 2091–2100 and 2001–10 (with an interval of 3.0 3

106 m2 s21) at phase 3 in the MIROC3.2 (medres) twenty-first-

century (21C) A2 scenario simulation.
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2090–2100 and 2001–10. In general, IPCC climate models

predict that the jet streams move poleward in response to

greenhouse gas forcing (Meehl et al. 2007). This can be

seen in the MIROC3.2 A2 scenario simulation with

peculiar northward intensification at the exit region of

the Asian–Pacific jet. The Atlantic and Mediterranean

jet streams are also intensified but with no significant

meridional displacement. Figure 12b shows the day-15

upper-troposphere (s 5 0.225) streamfunction anom-

aly difference in model simulations with 2091–2100 and

2001–10 climatologies. A significant difference is found

over the northern Pacific and North America, which may

be related to the generation of more Rossby wave activity

at the jet exit and its downstream regions. Although not

shown, qualitatively similar results are also found in the

simulation with the third climate configuration of the Met

Office Unified Model (HadCM3) climatology. Here it

should be noted that circulation response would be even

stronger if one considers that MJO forcing in a warm cli-

mate would be strengthened in the future.

4. Summary

The MJO accounts for a large fraction of the upper-

troposphere global circulation variability on an intra-

seasonal time scale. Therefore, the MJO convective

anomalies and related circulation response should be

realistically simulated in climate models to enhance the

predictability of weather and climate in both the tropics

and the extratropics. In this study, the linear response of

the atmospheric circulations to the MJO heating is ex-

tensively examined by performing a series of initial-value

calculations. More specifically, a dynamical core GCM is

integrated by forcing an idealized thermal heating/cooling

on the climatological boreal winter background flow.

Although simulated global circulation response to the

MJO-like forcing is essentially linear, it resembles the

observed circulation anomalies very well, especially for

the MJO phase 3.

It is found that the tropical circulation anomalies

characterized by a cyclonic or anticyclonic flow cou-

plet about the equator are created as a forced equa-

torial Rossby and Kelvin wave response to the MJO

heating. Since Kelvin waves are about 3 times faster

than Rossby waves and these waves propagate in the

opposite direction, the circulation anomalies induced

from the MJO-like dipole heating (heating and cool-

ing) tend to either interfere with or intensify each other,

resulting in a dramatically different circulation response

in the tropics from the experiments with only monopole

heating or cooling. For instance, westward-propagating

anomalies in the form of Rossby waves to the west of the

heating are opposed by the opposite-signed anomalies

produced by eastward-encircling Kelvin waves to the

east of the cooling.

The modeled extratropical circulation anomalies well

match the observed wavelike structures and successive

downstream development of new centers of action,

indicating that they also arise from a direct response to

the MJO heating and the interaction of the divergent

perturbations forced by the tropical heating and the large

relative vorticity basic field near the jet stream. A wave

activity tracing using the Rossby wave dispersion theory

shows that Rossby wave trains to the extratropics are

formed by the large-scale waves with zonal wavenumbers

2–3 and 3–5 in the NH and SH, respectively. They are

generated by the MJO heating over the Indian Ocean,

propagate northeastward in the NH until meeting a

turning latitude, and return back to the equator and

deposit their energy over the tropical Atlantic and West

Africa (see zonal wavenumber 3 in Fig. 8). It intensifies

the amplitude of circulation anomalies there that are

initially formed by the zonally propagating equatorial

Rossby and Kelvin waves. As such, the amplitude of the

circulation anomalies over those regions in the NH is

larger than the southern counterpart. Interestingly, if this

happens also in the summer, the above feeding process

could affect the triggering and growth of tropical cyclones

and hurricanes. It will be investigated in a future study.

The Rossby wave source (RWS) calculations further

revealed that divergent flow in the upper troposphere,

generated by MJO heating, plays a dominant role in the

generation of wave vorticity. The realistic dipole forcing

(MJO phase 3) experiment is compared with the mono-

pole forcing experiments. The summation of the resulting

RWS by the two monopole forcing experiments (i.e.,

Figs. 9d,f) produces an RWS pattern and magnitude

similar to those generated by the dipole forcing (Fig. 9b),

implying a linear property in the formation of wave vor-

ticity by MJO-like forcing. It is also found that spatial

scales of the RWS in the two monopole heating experi-

ments are quite different. The heating over the Indian

Ocean generates much broader and stronger RWS be-

cause of its position relative to the Asian–Pacific jet, where

the relative vorticity is large. It suggests that the strong

cyclonic and anticyclonic dipole over the North Pacific

at the date line (Fig. 4g) is mainly caused by the Rossby

waves forced by the heating over the Indian Ocean and

the ensuing interaction of these waves with the mean flow

(i.e., the jet and its relative vorticity), although the cooling

over the western Pacific also contributes to the circulation

anomaly.

The above results are found to be insensitive to detailed

structure of tropical heating and diffusion coefficients. It

is, however, found that the global circulation response to

the MJO-like forcing shows nonnegligible sensitivity to
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the 3D basic state (i.e., long-term climatology, El Niño

and La Niña basic states). The circulation response to

MJO forcing under the future warm climate is also

examined. For the A2 scenario future climate integra-

tion of the MIROC3.2 (medres) that produces peculiar

northward intensification of the Asian-Pacific jet at its

exit region, it shows a pronounced change in the cir-

culation responses over the northern Pacific and North

America, which may be related to the generation of more

Rossby wave activity over the jet exit and its down-

stream regions.

This study presents that the MJO-related diabatic

heatings over the Indian and western Pacific Oceans can

directly affect the global circulation by exciting equa-

torially trapped Rossby and Kelvin waves in the tropics,

Rossby wave train from the deep tropics to the extra-

tropics over the central North Pacific and its vicinity, and

their interactions over the subtropical North Atlantic.

This result suggests that, to better predict global circula-

tion anomalies during the boreal winter, the MJO should

be reasonably well simulated and forecasted in the nu-

merical weather and climate forecast models. It should be

noted that in this study we focus on the linear response of

the atmospheric circulation to the prescribed MJO-like

forcing. However, the nonlinearity—such as that associ-

ated with interaction between the convectively driven

equatorial and midlatitude waves (e.g., Majda and Biello

2003) or two-way interaction between the forcing and

background flow—would play an important role in the

extratropics. This is particularly true during MJO phases

1 and 4 (Figs. 4e,h; see the lower pattern correlations for

308–908N in Table 1). This nonlinearity will be addressed

in a future study by integrating the same model with time-

varying background flow as in Lin (2009).
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